Abstract Variations in the Atlantic meridional overturning circulation (MOC) exert an important influence on climate, particularly on decadal time scales. Simulation of the MOC in coupled climate models is compromised, to a degree that is unknown, by their lack of fidelity in resolving some of the key processes involved. There is an overarching need to increase the resolution and fidelity of climate models, but also to assess how increases in resolution influence the simulation of key phenomena such as the MOC. In this study we investigate the impact of significantly increasing the (ocean and atmosphere) resolution of a coupled climate model on the simulation of MOC variability by comparing high and low resolution versions of the same model. In both versions, decadal variability of the MOC is closely linked to density anomalies that propagate from the Labrador Sea southward along the deep western boundary. We demonstrate that the MOC adjustment proceeds more rapidly in the higher resolution model due the increased speed of western boundary waves. However, the response of the Atlantic sea surface temperatures to MOC variations is relatively robust-in pattern if not in magnitude-across the two resolutions. The MOC also excites a coupled ocean-atmosphere response in the tropical Atlantic in both model versions. In the higher resolution model, but not the lower resolution model, there is evidence of a significant response in the extratropical atmosphere over the North Atlantic 6 years after a maximum in the MOC. In both models there is evidence of a weak negative feedback on deep density anomalies in the Labrador Sea, and hence on the MOC (with a time scale of approximately ten years).
Introduction
The Atlantic meridional overturning circulation (MOC) is responsible for a significant fraction of the meridional heat transport from the tropics to higher latitudes (*1PW at 26N; Biastoch et al. 2008; Wunsch and Heimbach 2006; Trenberth and Caron 2001) . Studies suggest that the variability in this transport modulates climate, particularly at northern latitudes (e.g. Vellinga et al. 2002; Broecker et al. 1992) . Although observational estimates of the time mean MOC have been made (Wunsch and Heimbach 2006) , knowledge of its time variations has been hampered by a lack of extended records of subsurface data. Continual monitoring of MOC variability is now underway (Bryden et al. 2009; Hirschi et al. 2003) , but it will be some decades before enough data is available to infer directly from observations the role of MOC variations in modulating climate.
Numerical climate models provide an important alternative source of information for assessing the nature and potential climate impacts of MOC variability. Climate models suggest that MOC variations have substantial impacts on climate. For example, northern latitudes cool by *2K following a suppression of the MOC (Vellinga et al. 2002; Smith and Gregory 2009) , and MOC variations lead to variations in North and South Atlantic sea surface temperatures (SSTs) (Knight et al. 2005) . These SST variations can be linked in turn to changes in the seasonal position of the ITCZ, and hence Sahel and South American rainfall (Knight et al. 2006; Hodson et al. 2009 ), in surface air temperatures (Knight et al. 2006; Sutton and Hodson 2005) , and in a number of factors controlling Atlantic hurricane genesis in models (Knight et al. 2006; Sutton and Hodson 2007; Goldenberg et al. 2001) . Models also show that variability in the MOC can arise on timescales ranging from days to centuries (e.g. Knight et al. 2005; Fanning and Weaver 1998; Dong and Sutton 2005) . The longer timescales are set by oceanic adjustment processes, which are slow compared to those of the atmosphere. Such long adjustment timescales suggest the potential to predict the MOC and its impacts (e.g. Hawkins and Sutton 2008) ; consequently, understanding the decadal variability of the MOC is a key issue for ongoing efforts in Decadal Climate Prediction (Smith et al. 2007 ; Keenlyside et al. 2008; Pohlmann et al. 2009 ).
One of the challenges for understanding decadal variability of the MOC is that the magnitude and dominant time scale of MOC variability has been found to vary substantially between models. These differences arise because of differences in model formulation, but the exact causes can be hard to pinpoint because of the large range of processes involved. A related issue is the modest spatial resolution of current coupled models (typically *1 degree in the ocean, and a few degrees in the atmosphere). At such resolutions some of the key processes that are known to influence MOC variability are poorly, or very poorly, resolved. This weakness inevitably calls into question the relevance of the model results to understanding MOC variability in the real world. Indeed, there is a widespread recognition of the need to increase the resolution of climate models, in order to improve the fidelity with which they simulate the numerous processes that influence climate and climate variability (Shaffrey et al. 2009 ).
Motivated by these issues, the goal of this study is to investigate the simulation of MOC variability in two climate models which differ in resolution, in both the ocean and atmosphere. Our aims are to identify the extent to which these models exhibit similar or differing MOC variability, and to seek to understand the reasons for any differences in terms of simulation of the underlying ocean and ocean-atmosphere processes.
There are many reasons to expect that the simulation of MOC variability may be sensitive to resolution. Interannual and lower frequency variability in the MOC arises primarily from two processes: Ekman transport-driven directly by the surface wind stress, and geostrophic transport-driven by the West-East pressure gradient across the Atlantic basin Balan Sarojini et al. 2011) . Multiannual MOC variations are primarily geostrophic. A key mechanism involves the formation of density and pressure anomalies on the western boundary of the Sub-polar Gyre, in response to variations in convection (Marshall and Schott 1999; Gerdes and Köberle 1995) . These boundary anomalies excite baroclinic boundary waves that propagate south along the western boundary, along the equator and then north and south along the eastern boundary, radiating westward propagating Rossby waves as they go (Kawase 1987; Johnson and Marshall 2002; Roussenov et al. 2008 ). This simple picture of ocean adjustment is complicated by the presence of a sloping coastal shelf, and varying degrees of ocean stratification along the boundary, with the consequence that the boundary wave becomes a hybrid between a coastal shelf wave and a boundary Kelvin wave (Gerdes and Köberle 1995; Shaw and Csanady 1983) . This primary rapid (* years) adjustment by propagation of baroclinic waves is followed by second, slower (* decades), phase of adjustment that occurs due to the self advection of the deep density anomaly along the coastal boundary at depth (Gerdes and Köberle 1995) .
The timescale of the primary adjustment, and hence the timescale of the MOC adjustment, depends on the speed of the boundary waves communicating the presence of the adjustment. Studies have shown that the speed of boundary Kelvin waves is sensitive to model resolution, and related aspects of model formulation. For example, for a viscous fluid represented on a Arakawa B-grid, the along-shore phase speed 1 of a Kelvin wave falls rapidly as grid spacing increases beyond the Rossby radius . When the grid spacing is ten Rossby radii the Kelvin wave phase speed is only 20% of the expected continuum value (for an extensive discussion see Hsieh et al. 1983 ). Many modern coupled models, including the two examined in this study, use an Arakawa B-grid in their ocean component. In addition, the propagation of boundary waves is sensitive to lateral viscosity. Increased values of viscosity reduce the along-shore phase speed of coastal Kelvin waves . In numerical models values are often used that are larger than observed for reasons of numerical stability (Jochum et al. 2008) . A third numerical factor is the orientation of the coastal boundary relative to the ocean grid: the along-shore Kelvin wave speed falls as the angle of the coastline to the underlying grid increases (Schwab 1998) .
The importance of resolution for simulation of MOC variability in climate models was underlined by Döscher et al. (1994) , who demonstrated-using an ocean modelthat the time taken for coastal boundary waves to travel from high latitudes to the equator was dramatically reduced as resolution was increased. Several other ocean model studies have highlighted similar issues Beckmann et al. 1994; Böning et al. 1996; Getzlaff et al. 2005; Hirschi and Stocker 2002; Johnson and Marshall 2002) . However, as MOC variability is ultimately driven by atmospheric processes, and variations in the MOC can influence the atmosphere (e.g. Knight et al. 2005) , the potential exists for coupled feedbacks (e.g. Vellinga and Wu 2004) . Hence a complete understanding of MOC variability can only be arrived at by considering the coupled atmosphere-ocean system. Studies which examine the impact of resolution in a coupled system are sparse, due to the expense of performing the required coupled model integrations at varying resolutions. The study by Fanning and Weaver (1998) addressed this issue using an ocean model coupled to a simple 2d model of the atmosphere, and concluded that the ocean resolution was a key factor in the generation of decadal scale MOC variability. However, a fuller assessment of the role of coupled feedbacks requires a 3d model of the atmosphere.
In this paper we examine the impact of resolution on the simulation of MOC variability in a coupled climate model. The structure of the paper is as follows. In Sect. 2 we present the models and integrations used for the study. In Sect. 3, we present an analysis of the MOC variability and related climate signals found in the models. A Summary and Conclusions are presented in Sect. 4.
Models and experiments

Models
Two Coupled General Circulation Models (CGCMs) were used in this study: HadGEM1.2 and HiGEM1.2. Had-GEM1.2 (Johns et al. 2006 ) is the most recent version of the UK Hadley Centre global coupled general circulation climate model. The atmosphere component has a resolution of 1.25°latitude by 1.875°longitude with 38 layers in the vertical. The ocean component, based on the Bryan-Cox code (Bryan 1969; Cox 1984) , uses a latitude-longitude Arakawa-B grid with a zonal resolution of 1°and a meridional resolution of 1°between the poles and 30°l atitude, increasing smoothly to 1/3°at the equator. It has 40 unevenly spaced levels in the vertical.
HiGEM1.2 (Shaffrey et al. 2009 ) is a version of Had-GEM1.2 with increased horizontal resolution in both the ocean and the atmosphere. The horizontal resolution has been increased to 0.83°latitude 9 1.25°longitude in the atmosphere and to 1/3°9 1/3°in the ocean. The vertical resolution is unchanged in both the atmosphere and ocean components. Small changes are made to some of the parameterizations in the atmosphere to improve model stability but otherwise the HiGEM1.2 atmosphere is identical to that of HadGEM1.2, aside from the change in resolution. The ocean component in HiGEM1.2 is also similarly identical to HadGEM1.2 except that, due to the increased resolution, the Gent-McWilliams (GM-Gent and Mcwilliams 1990) adiabatic mixing scheme used in HadGEM1.2 is switched off. The higher horizontal resolution of HiGEM permits partial representation of ocean eddies. Tests showed that the inclusion of the GM scheme in HiGEM caused low eddy variability and erosion of fronts. An adiabatic biharmonic scheme is used to reduce tracer field noise. These choices hence preserve ocean features resolvable by the improved resolution. A greater discussion of this and other model differences can be found in Shaffrey et al. (2009 (Conkright et al. 2002) , with initial velocities set to zero (ocean at rest). Greenhouse gas levels were constant throughout the integrations and identical between the models. Both models reproduce realistic global climates, although there are significant biases (Shaffrey et al. 2009 ). The climatologies of HiGEM1.2 and HadGEM1.2 control runs are similar, but there are differences, notably HadGEM1.2 SSTs are generally cooler than HiGEM1.2 across the globe. However, oceanic northward heat transports in both models are broadly consistent with the observational estimates. For more details see Shaffrey et al. (2009) .
3 Adjustment and variability of the Atlantic meridional overturning circulation
In this section we first examine and contrast basic properties of the mean state and variability of the Atlantic Meridional Overturning Circulation in HiGEM1.2 and HadGEM1.2. We then proceed to examine the drivers and time evolution of the MOC, and its interactions with the atmosphere, in detail. The mean MOCs in HiGEM1.2 and HadGEM1.2 are similar in structure and magnitude (Fig. 1a, b) . The overturning cell in HadGEM1.2 is somewhat stronger and the Antarctic Bottom Water (AABW) cell somewhat weaker than HiGEM1.2, although these differences may not be significant compared to year-to-year variability. Both models display an initial very rapid (*1 year) reduction in the MOC (HadGEM1.2: 5 Sv, HiGEM1.2: 10Sv), probably in response to unbalanced initialization, followed by a slower spin-up re-adjustment over at least the first 30 years ( Fig. 1c, d ). After this period, there is a considerable amount of multi-year variability (Fig. 1c, d ). Both models have a mean overturning (years 31:100, at 26.7N) (HiGEM1.2: 17.8 Sv, HadGEM1.2: 19.6 Sv) in line with the recent observational estimate of 18.7 ± 5.6 Sv (Cunningham et al. (2007) Cunningham et al. 2007 ) is generally consistent across latitudes over time within a given model. After the initial 30 year adjustment, there is coherence in the overturning between latitudes on decadal timescales (Fig. 2 )-as seen in other studies (e.g Balan Sarojini et al. 2011 ). The tilted contours in both models suggest that changes in the overturning take some time to propagate southwards from their northern source, in a similar manner as seen by Getzlaff et al. (2005) . There is a possibility that the amplitude of the southward propagating signal is more damped in Had-GEM1.2 than HiGEM1.2. The larger amplitude decadal variations in the over-turning are generally found north of 30N. We now concentrate our analysis on the drivers and impacts of these larger variations by focusing on variations in the MOC at 40N, the approximate latitude of the maximum meridional stream function in both models ( Fig. 1) .
Interannual-to-decadal variability in the MOC is substantially driven by dense water anomalies that originate from deep-convection regions in the Labrador and GIN seas (Frankignoul et al. 2009; Eden and Willebrand 2001a; Biastoch et al. 2008) . Intense surface cooling creates dense surface water which sinks through the less-dense sub-layer, leading to a downward mass flux that drives the overturning. Deep mixed layer depths are a signature of deep convection. Peak (March) mixed layer depths in HiGEM1.2 occur principally over the Labrador Sea (50W,55N) and the northern GIN seas (Fig. 3a) . Convection sites are similar in HadGEM1.2: the Labrador Sea and the northern GIN seas (Fig. 3b) . However mixed layer depths are considerably deeper off the coast of Norway and between Scotland and Iceland than are seen in climatological estimates (de Boyer Montégut 2004) . Despite such differences in the March mean mixed layer depth, the patterns of March variability are more consistent between the models (Fig. 3c, d ) being mostly confined to convection sites in the Labrador Sea and the Northern GIN seas. This suggests that, although there are differences in the mean convection, the magnitude of the variability -ultimately the driver for MOC variabilityis consistent between the models. Both models have distinct convection sites in the Labrador and GIN seas but comparatively little convection in the Irminger sea. Climate models disagree on the relative importance of these sites in driving the overturning (Frankignoul et al. 2009; Eden and Willebrand 2001a) . The processes by which dense water anomalies generated by deep convection are communicated to the wider Atlantic Ocean are complex and not fully understood (Palter et al. 2008) . Partly this occurs via interior ocean pathways (Bower et al. 2009) , and partly through the propagation of density signals along the western boundary (e.g. Gerdes and Köberle 1995) . The latter signals are particularly important for the MOC because they project directly onto the cross-basin zonal density contrast that controls the geostrophic northward flow.
We now examine the propagation of density anomalies that exit the Labrador Sea along the Deep Western Boundary. Figure 4a shows HiGEM1.2 annual mean depth integrated (1,500: 3,000 m) ocean density correlated with a point on the western boundary (point B, at 40N). There is a very narrow band of high correlations (corr[0.7) along the western boundary of the North Atlantic, extending from the southern tip of Greenland to the northern coast of South America. Such a high correlation over an extended region implies a rapidly propagating signal connecting distant points and this is most likely communicated by a rapid boundary wave response. This boundary wave response is likely to be a mixed Kelvin-Shelf wave (Gerdes and Köberle 1995) . There are widespread correlations throughout the Labrador sea, demonstrating that the Labrador sea is a major source of density variations on the western boundary at depth in HiGEM1.2.
Similar high correlations along the western boundary are also found in HadGEM1.2 (Fig. 4d) , although the correlations in the Labrador sea are much weaker. This difference reflects a difference between the models in the timescales for density anomalies to propagate out of the Labrador basin (see Figs. 5, 6 , to be discussed shortly).
Density anomalies at the western boundary cause changes in pressure, and hence changes in the west-east pressure gradient which drive changes in the MOC. We can examine this relation between the overturning and the ocean density on the boundaries by following Hirschi and Marotzke (2007) . Thermal wind balance states that:
where v(x, y, z, t) is the meridional ocean velocity, q ocean density, q* a reference density, f the Coriolis parameter and g the acceleration due to gravity. Integrating across the ocean basin, from west (x w ) to east (x e ) and over z from the ocean floor (z = D) up to z gives:
where q e (q w ) is the density on the Eastern (Western) ocean boundary. Integrating over z again:
We now follow Hirschi and Marotzke (2007) boundary density difference. For the remainder of this paper we make two further assumptions. i) Variations over time in the density contrast on the right hand side of Eq. 3 are dominated by q w -this is likely to be true because of greater density variations along the western boundary that are not present on the eastern boundary. ii) Variations in the volume flux below 1,000 m are dominated by the region between 1,500 and 3,000 m. This region captures the depths of maximum southward flow and excludes variations in the Antarctic Bottom Water (Fig. 1) . Hence Eq. 3 can be reduced to:
Figure 4b demonstrates that in HiGEM1.2 (at 40N) variations in Eq. 4 are indeed well correlated with the overturning at 40N (corr = 0.6). Interestingly, the overturning is almost identically correlated with the single integral of the density on the boundary (corr = 0.57). That is:
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This relationship appears to hold in both HiGEM1.2 and HadGEM1.2 (Fig. 4) . MOC* and the overturning are well correlated at 40N but they are less well correlated further south at 27N, the latitude of the RAPID array (Fig. 4c , corr = 0.40). This may be due to increased influence of wind driven (Ekman) transport variability at this latitude, or the failure of one of our assumptions in the derivation of Eq. 4. In HadGEM1.2, The correlation between the boundary density and the MOC is greater than HiGEM1.2 (Fig. 4e,  f) , most likely due to the presence of the larger amplitude decadal signal in HadGEM1.2. The correlations between the boundary density and the MOC are similarly stronger at 40N (corr = 0.80) than 26.7N (corr = 0.38) in HadGEM1.2. It is apparent from Fig. 4 that the correlation between MOC* and the actual overturning is particularly high on decadal timescales. This is partly because MOC* filters out the Ekman contribution to MOC variability that is large on interannual (and shorter) time scales, but is of relatively little interest from a climatic point of view. For this reason, for the remainder of this paper we will use MOC* at 40N, as our measure of MOC variability. Hence we are focusing on that component of the MOC variability that is directly related to variations in the density on the deep western boundary. We now examine the temporal evolution of the boundary density anomaly that controls the MOC adjustment. Figure 5 shows the 1,500-3,000 m integrated density lagregressed onto MOC* at 40N in HiGEM1.2. Positive density anomalies are seen in the Labrador Sea four years prior to a maximum in MOC* (panel a). Subsequent lags show a boundary density signal propagating out of the Labrador Sea, along the western boundary (panels b, c, d). When this signal reaches the equator it triggers a tropical response that is consistent with theoretical expectations and other studies (e.g. Johnson and Marshall (2002) ). The tropical response is governed by the excitation of an eastward propagating equatorial Kelvin wave, which subsequently excites coastal Kelvin waves on the eastern boundary, which then radiate westward propagating Rossby waves. This signal is weak (p \ 0.10), but clear at Lags 0 and 2. These signals subsequently decay (panels e, f). In addition to the western boundary signal, density anomalies are seen to propagate southward into the interior of the basin, in a manner consistent with recent observations (Bower et al. 2009) (Fig. 5d, e, f) . Lastly, there is an interesting hint in panel f of negative density anomalies around the boundary of the Labrador Sea. These negative anomalies appear 6 years after a maximum in the MOC* and could suggest a negative feedback on MOC variations. A similar picture emerges for HadGEM1.2 (Fig. 6 ). Density anomalies propagate out of the Labrador basin and around the western boundary (panels a-d)-although the boundary density signal is less tightly confined to the western boundary than the HiGEM1.2 signal-and finally across the equator (at Lag 2), in the manner described above.
The equatorial Kelvin-wave response occurs somewhat earlier in HiGEM1.2 (Lag 0 years) than HadGEM1.2 (Lag 2 years). This suggests that density anomalies may take longer to propagate along the western boundary to the equator in HadGEM1.2 than in HiGEM1.2. As noted in the introduction, it is well-known that boundary wave propagation speeds on Arakawa-B grids are sensitive to model resolution . Both oceans models in HiGEM1.2 and HadGEM1.2 are discretized on Arakawa-B grids (Johns et al. 2006; Shaffrey et al. 2009 ) so it is likely that the different timescales for propagation of the boundary density waves between the models can be attributed to the differences in ocean model resolution. Indeed examining the variation of the Rossby radius of deformation within the Atlantic (Chelton et al. 1998) reveals that boundary density waves are not well resolved in HadGEM1.2 north of 10N whereas they are resolved in HiGEM1.2 south of around 30N. Hence we expect that the propagation speed of boundary waves in HadGEM1.2 will differ from that in HiGEM1.2 between 10N and 30N.
In other respects, the ocean evolution in HadGEM1.2 is similar to that in HiGEM1.2. HadGEM1.2 displays propagation of Labrador Sea density anomalies into the basin interior, and also a negative density anomaly in the Labrador Sea at lag 6 (Fig. 6f) .
Atmosphere-Ocean interactions
We now turn our attention to the interaction of MOC variability with the overlying atmosphere. Figures 7 and 8 show lagged regressions of Mean Sea Level Pressure (MSLP) onto MOC* at 40N for the two models. We focus first on negative lags, which may provide evidence of the atmospheric forcing of MOC variability. In HiGEM1.2 strong negative MSLP anomalies are found over Greenland 2-4 years before a maximum in MOC* (Fig. 7a, b) . The pressure gradients associated with these anomalies will induce anomalous southward (northerly) winds over the Labrador Sea, advecting cold air over the region, resulting in intense cooling. This cooling is clearly seen in the surface heat fluxes over the Labrador Sea at these lags (not shown). Hence in HiGEM1.2 dense Labrador Sea water, generated by wind-driven surface cooling, subsequently induces changes in the MOC. This is consistent with many previous studies (Dickson et al. 1996; Curry et al. 1998; Eden and Willebrand 2001a; Bentsen et al. 2004; Guemas and Salas-Mélia 2008) .
In contrast to HiGEM1.2, in HadGEM1.2 there is little evidence of significant and coherent MSLP anomalies over the North Atlantic at negative lags (Figs. 8a, b) . (Such signals are also not found at more negative lags (not shown)). This suggests that the large amplitude decadal fluctuations in the MOC* in HadGEM1.2 (Figs. 4e and f) are not directly forced by the atmosphere over the North Atlantic. They may, for example, originate from ocean density anomalies propagating out of the Arctic.
Next we consider positive lags, which may provide evidence of an atmospheric response to MOC variability. To aid the interpretation of these signals we also need to examine the regression patterns for sea surface temperature (SST) on MOC* (Fig. 9) . The SST pattern for HiGEM1.2 at lag 0 (panel a) shows cool (negative) anomalies over the Labrador Sea, as expected in response to the cooling by surface heat fluxes over the preceding years (see e.g. Eden and Willebrand 2001a etc.) . Warm (positive) anomalies are also seen over the Gulf Stream extension and North Atlantic Current region. Over subsequent years (panels b and c), this warm anomaly appears to propagate northwards into the eastern part of the sub-polar gyre, whilst the cool anomalies over the western sub-polar gyre decay. By lag 6, warm anomalies cover the sub-polar gyre and are also linked along the eastern boundary to a warm anomaly in the tropical North Atlantic. A small cool anomaly is found in the region of the Gulf Stream extension. Similar negative anomalies have been linked to a southward displacement of the Gulf Stream front related to variability in the MOC (Zhang 2008) .
The evolution of MSLP at positive lags in HiGEM1.2 (Fig. 7e, f) shows initially the appearance of a low pressure anomaly over the tropical Atlantic, and subsequently-at lag 6-a dipolar pattern with a high pressure anomaly centred over Greenland and a low pressure anomaly over the mid-latitude North Atlantic. This MSLP pattern is associated with a weakening of the westerlies that are closely linked with the North Atlantic storm track. Inspection of the SST pattern at this time (Fig. 9c) shows a weakening of the meridional SST gradient east of Newfoundland. Such a weakening of the SST gradient would be expected to weaken the storm track, and may provide a mechanism for the excitation of a large-scale atmospheric response, as suggested by Figure 7f . Additionally, this may also be a remote response to the developing Tropical Atlantic SST warm anomaly (see e.g. Terray and Cassou 2002; Dréeevillon et al. 2003; Cassou et al. (2004) ). The evolution of SST in HadGEM1.2 (Fig. 9d-f) shows some similar features to HiGEM1.2 but the anomalies are of greater magnitude. At lag 0, a warm anomaly is again seen in the region of the North Atlantic Current, and this anomaly subsequently appears to propagate into the subpolar gyre, concurrent with the development of a linked warm anomaly in the tropical North Atlantic. Significant warm tropical SST anomalies appear earlier in HadGEM and are linked with cool (negative) SST anomalies south of the equator (and hence a cross-equator SST gradient). A (very) small cool SST anomaly is also found at lag 6 in the region of the Gulf Stream extension. The evolution of MSLP (Fig. 8d,e,f) shows the development of a low pressure anomaly over the tropical North Atlantic, with peak intensity at lag 4 (when a similar signal was seen in HiGEM1.2). There are no strong anomalies in MSLP over the higher latitude North Atlantic in HadGEM1.2. Large anomalies are present over the North Pacific but it is unclear whether these are causally linked to the variability in the Atlantic basin.
In both models significant anomalies in both MSLP and SST develop in the tropical North Atlantic. The tropical Atlantic is a region of strong ocean-atmosphere coupling, where-moreover-coupled feedbacks, particularly related to the cross-equator SST gradient, can act to amplify initially small anomalies (e.g. Chang et al. 1997; Sutton et al. 2000) . There is evidence of these feedbacks operating in both HadGEM1.2 and HiGEM1.2. Figure 11 shows the surface wind stress and wind speed anomalies at lag 6 in the two models. In both cases there is cross-equator flow, as expected in response to the cross-equator SST gradient. Furthermore, the variations in wind speed magnitude and direction are consistent with turbulent (latent and sensible) surface heat flux anomalies that will act to reinforce the anomalous SSTs both north and south of the equator. Note that there is also an associated northward displacement of the ITCZ (not shown).
An interesting question concerning the tropical response is whether it is linked in any way to the deep density signal propagating along the western boundary (Figs. 5, 6 ). Examining the vertical structure of temperature anomalies in the tropical North Atlantic at lag 6 (Fig. 10a, b) shows a deep sub-surface negative temperature anomaly in Had-GEM1.2 that is related to the high density anomaly seen in Fig. 6f . A similar but much weaker anomaly can be seen in HiGEM1.2. In both cases, however, the deep anomalies are much weaker than those near the surface, and show no obvious connection to them. Rather it appears that the near surface anomalies can be more readily understood as a response to the surface wind anomalies (Fig. 11) . This response involves anomalous turbulent heat fluxes, as previously mentioned, and also-particularly within *5°o f the Equator-anomalies in Ekman pumping. Figure 11d indicates downward Ekman pumping near the Equator in HadGEM1.2, which acts to deepen the thermocline. This influence explains the presence of a warm temperature anomaly beneath the cool SST anomalies in the tropical South Atlantic (Fig. 10d) and the warm subsurface temperature anomalies in the tropical North Atlantic (Fig. 10c) .
Although the upper ocean response appears to be dominated by the influence of the atmosphere, and related coupled feedbacks, it is still possible that the density signals propagating along the western boundary might provide an initial trigger for the development of tropical SST anomalies that subsequently amplify through coupled feedbacks. One way in which this might happen is through a modulation of the North Brazil Current (NBC) (e.g. Zhang et al. 2011 ) and its subsequent effects on SST. To investigate this question we correlated various indices of the NBC with MOC*. Figure 12 shows results for an NBC index, defined as the meridional northward ocean velocity integrated over the top 100m in the ocean and then averaged over the region (60W:45W,2N:10N) and then detrended. Whilst the correlations are weak, in the case of HadGEM1.2 significant correlations are found for lags between 0 and 6 years following a maximum in MOC*. This link between a MOC* maximum and an acceleration of the NBC may be mediated by the baroclinic coastal Kelvin waves that follow a MOC* maximum. It might also be mediated by the wind stress anomalies that develop over the tropical Atlantic (Fig. 11 ) or a number of other mechanisms (see Zhang et al. 2011) . However, the fact that the correlation in Fig. 12a starts to increase rapidly around 4 years before a maximum in the MOC* (i.e. Lag -4), before significant wind anomalies have developed, suggests the deep density signal may indeed play a triggering role. This does not provide conclusive evidence of a causal oceanic connection, but does suggest such a connection may exist. In HiGEM1.2, the evidence is weaker. If the deep density signals do not provide the initial trigger for development of the tropical anomalies, what other mechanisms might? One possibility is an atmospheric teleconnection from the higher latitude North Atlantic. Extratropical forcing of the tropical Atlantic has been demonstrated in several recent modelling studies (Broccoli et al. 2006; Zhang et al. 2010; Kang et al. 2009 ). Another possibility is an oceanic teleconnection via advection of SST anomalies from the Gulf Stream region southward around the subtropical gyre and into the tropics. The pattern of SST anomalies seen in HiGEM1.2 at lag 6 (Fig. 9b) is possibly suggestive of this mechanism, but it perhaps unlikely that this is a dominant factor, in view of the tendency for midlatitude SST anomalies to be damped unless maintained by strong circulation anomalies. Also, the timescale of propagation seen appears to be faster than those that could be supported by passive advection by a climatological ocean circulation.
A last point of interest is the hints from Figs. 5 and 6 of a negative feedback on deep density in the Labrador Sea, with negative anomalies following positive anomalies by around 10 years in both HiGEM1.2 and HadGEM1.2. The signals are weak and should not be over-interpreted, but the consistency between the models is interesting and could suggest a robust mechanism. What might this mechanism be? A simple possibility is suggested by Fig. 9c ,f. This figure shows that the appearance of negative density anomalies at depth in the Labrador Sea follows, and coincides with, the warming of SST over the whole subpolar gyre, including the Labrador Sea. This warming will tend to increase stratification and inhibit the tendency of wintertime convection to cool the subsurface ocean. Therefore we tentatively hypothesise that the negative feedback arises from the northward propagation of the warming signal from the North Atlantic Current region into the sub-polar gyre, associated with a peak in the MOC. Note that this evolution is very similar to that which was observed in the real world during the mid-1990s (Robson et al. 2011) .
Summary and conclusions
In this paper we have examined the adjustment and decadal variability of the Atlantic MOC in two coupled climate models, which differ only in respect of resolution. The two models-HiGEM1.2 (high horizontal resolution) and HadGEM1.2 (standard horizontal resolution)-were integrated using identical initial and boundary conditions. We then examined and compared the evolution of the MOC, and its interactions with the atmosphere, in each model. The major findings are as follows:
-In both HiGEM1.2 and HadGEM1.2, decadal variability of the MOC is very closely tied to variability in density along the deep western boundary of the Atlantic Ocean. Density anomalies formed in the Labrador Sea propagate southwards along the western boundary and into the tropics, consistent with theory and much simpler models (e.g. Johnson and Marshall 2002) . Density anomalies also propagate into the interior of the North Atlantic basin, consistent with observations (Bower et al. 2009 ). -In HiGEM1.2, density anomalies in the Labrador Sea appear to be generated in response to atmospheric variations that modulate air-sea fluxes, consistent with many other studies (e.g. Eden and Willebrand 2001b; Köhl 2005) . Such a link is not seen in HadGEM1.2. -Both models respond to Labrador Sea density anomalies in a similar way but the time taken for the anomalies to propagate to the equator differs. Had-GEM1.2 adjusts more slowly (by 1-2 years) than HiGEM1.2. This difference is attributed to slower western boundary waves in HadGEM1.2, which are expected as a consequence of the lower horizontal resolution ). -Despite this difference in the adjustment timescale of the deep ocean, the North Atlantic SST anomalies that are related to the MOC evolve in a similar manner in the two models. of MSLP is related to a weakening of the mid-latitude westerlies that may be a response to a weakening of the meridional SST gradient east of Newfoundland. Such a response is not seen in HadGEM1.2.
-In both models there is evidence of a weak negative feedback on density anomalies in the Labrador Sea, and hence on the MOC. This feedback is related to a warming of the upper sub-polar gyre that increases stratification and is expected to inhibit convection. The time scale for this feedback is approximately 10 years in both models.
These results suggest that for climate models, at least with those where the ocean is discretized on an Arakawa B grid, the timescale of deep ocean evolution and adjustment is sensitive to resolution. However, the evolution of SSTa key issue from the perspective of decadal forecastingappears less affected by resolution in terms of timing and pattern (although it is harder to make a firm statement about the magnitude). The response of tropical SST and climate shows important robust features between the two models, but also many detailed differences. Perhaps the most important differences are those seen in the extratropical atmosphere, where the behaviour of the two models appears quite different. Further understanding of these differences will clearly be an important topic for further work.
To end we acknowledge some limitations of our study. Firstly, ideally we would have had available longer model simulations and therefore more realisations of decadal fluctuations. Unfortunately the computation cost of the high resolution model precluded this. Secondly, in discussing our results we have assumed implicitly that all the differences are directly attributable to the differences in resolution. Because some modest re-tuning (e.g. to the ocean mixing schemes) was required, this might not be the case. On the other hand, such secondary changes may be considered part of the change in the model resolution, since no stable model would exist without them.
We have focused in this paper on two models that use an ocean model based on an Arakawa B-grid ocean. Many other ocean models use the Arakawa-C grid discretization. The C-grid is predicted to be less sensitive to resolution in terms of boundary wave speed . Further experiments will be required to assess whether the behaviour of the MOC is indeed less sensitive to horizontal resolution in climate models that employ a C-grid ocean.
It remains the case that the resolution of current climate models places a fundamental limitation on their fidelity. Understanding how increases in resolution influence the simulation of mean climate, climate variability and change is a key challenge on which a great deal of further work is required. Fig. 12 A) 
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